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A new simulation method for soil heat dynamics, integrated into the Hydrograph deterministic hydrological 
model, is based on several simplifying techniques. Namely, it reduces the system of differential equations for 
thermal conductivity in a soil profile to linear algebraic equations, without sacrifice to quality. Special approaches 
are used to estimate thermal conductivity and heat transfer in freezing and thawing soils of variable water 
contents. The model parameters include physical properties of soil layers, such as density, porosity, thermal 
conductivity, specific heat, and maximum water-holding capacity. The measured properties of soils in different 
landscapes can be generalized and systematized and further used for reference in hydrological modeling of similar 
ungauged watersheds without calibration. The new method is verified against a time series of soil temperatures 
at depths of 20, 40, 80 and 160 cm measured at a site within the Kolyma Water Balance Station.

Thermal conductivity equation, permafrost, hydrological modeling, soil profile, temperature, Kolyma water 
balance station

INTRODUCTION

Development of permafrost areas in Siberia and 
extreme North requires solving practical engineering 
problems of hydrological runoff assessment in poorly 
gauged watersheds, as well as prediction of future 
changes to water budget under natural and man-
caused climate variations.

Runoff simulations for such areas have to ac-
count for both surface and subsurface heat budget in 
soil profiles exposed to seasonal freezing and thawing 
because active layer dynamics influences strongly the 
hydrological responses of permafrost [Kuchment et al., 
2000; Zhang et al., 2000; Gusev and Nasonova, 2010]. 
Continuous calculations of depth-dependent soil con-
ditions with variable temperature and water (ice) 
contents, at a certain time step, are applied to de-
scribe water infiltration into frozen soil, surface-sub-
surface flow interactions, and seasonal runoff redistri-
bution due to freezing of rain or to meltwater infiltra-
tion in soil.

Models of soil heat dynamics should allow for 
specificity of active layer conditions in different land-
scapes and, on the other hand, should trade off be-
tween avoiding calibration of model parameters 
[Pomeroy et al., 2007; Semenova, 2010; Vinogradov 
and Vinogradova, 2010; Vinogradov et al., 2011] and 
coping with limited datasets from hardly accessible 
high-latitude territories in Russia and worldwide [Se-
menova and Vinogradova, 2009].

There are several approaches to soil heat transfer 
modeling for hydrological applications. This consid-
eration does not include simplified models with freez-
ing and thawing described implicitly, e.g., with empi-
rical relationships between thaw depth and air tempe-
ratures [Nelson et al., 1997] or with different con trols 
of soil infiltration properties [Pomeroy et al., 2007].

Heat dynamics in soils is most often simulated 
using finite-difference or finite-element solutions to 
the thermal conductivity equation [Kuchment et al., 
2000]: 
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where θ is the ground temperature, °C; t is the time, s; 
x is the vertical coordinate, m; λ is the thermal 
conductivity, W/(m⋅°C); ρ is the density, kg/m3; c is 
the specific heat, J/(kg⋅°C).

Equation (1) is restricted to soil thermal con-
ductivity and accounts neither for heat consumed by 
phase change nor for heat input from outside (e.g., 
with infiltrating water). An efficient numerical tech-
nique providing accurate solutions for moving inter-
faces with regard to phase change was suggested by 
Goodrich [1978] and became broadly used later [Ar-
zhanov et al., 2007].

Such simulations obviously require costly com-
putations, and special procedures are tried to make 
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them easier and more stable [Bowling et al., 2008], or 
simpler solutions are sought to the thermal conduc-
tivity equation for freezing-thawing soil [Gusev and 
Nasonova, 2010].

The new way of modeling heat dynamics pre-
sented below is based on several simplifying tech-
niques that reduce the system of differential equa-
tions to linear algebraic equations, without sacrifice 
to quality. Thermal conductivity and heat transfer 
are computed within model soil and snow layers 
showing variable temperature and water content pat-
terns, using algorithms designed for hydrological 
modeling and integrated into the Hydrograph deter-
ministic model [Vinogradov, 1988; Vinogradov and 
Vinogradova, 2010]. The model parameters include 
different physical properties of soil layers. The new 
method is verified against a time series of soil tem-
peratures at depths of 20, 40, 80 and 160 cm mea-
sured at a site within the Kolyma Water Balance 
 Station.

HEAT DYNAMICS IN A SOIL PROFILE

In the general case, a soil profile consists of fro-
zen and unfrozen layers with seasonally moving, ap-
pearing, and disappearing interfaces, which increases 
the number of equations in system (1) and poses 
problems to computation. We suggest a new approach 
to cope with the problem, and to reduce the computa-
tion costs for multiple solutions at many points with-
in a watershed and at many time steps.

In classical numerical methods, thermal conduc-
tivity equations are solved by computing a continu-
ous temperature profile of points spaced at the step
∂x. In the new method, the step becomes an averag-
ing interval, and a histogram of depth-dependent soil 
temperatures is used instead of a continuous curve, 
while the estimated temperatures are assigned to the 
middle of soil or snow layers.

With the assumption that heat flows qi–1, i 
be-

tween simulation layers are proportional to their tem-
perature difference at the coefficients corresponding 
to heat transfer between soil (snow) and air (ψ) and 
between neighbor soil layers (ξ, W/(m2⋅°C)), the 
 system of classical differential equations for a soil 
profile of n layers is

 dU dt1 1 12 1 2= −( )− −( )ψ η θ ξ θ θ ,

 dU dti i i i i i i i i= −( )− −( )− − + +ξ θ θ ξ θ θ1 1 1 1, , ,  (2)

 dU dtn n n n n gr n gr= −( )− −( )− −ξ θ θ ξ θ θ1 1, ,

where Ui is the heat stored in the i-th model layer, J; 
η and θi are the air and soil layer temperatures, 
respectively, °C; ξi–1, i and ξgr are the coefficients of 

heat transfer between neighbor soil layers and across 
the soil profile base, W/(m2⋅°C); ψ is the coefficient 
of heat transfer between air and soil (snow) surface, 

W/(m2⋅°C). The ground temperature at the soil profile 
base (θgr, °C) is

 θ θ θgr c nk k= + −( )1 11 ,

where θc is the temperature at the constant depth 
xc > xn (xn is the depth of the lower soil layer). 
Depending on the depth xc, the temperature θc may 
be either constant or approximated by 

 θ θ πc c M t T Am= + +( )sin ,2  (3)

where M is the θc amplitude; T is the period (365 day); 
Am is the initial phase at t0 = 0. The parameter k1 is 
estimated by linear interpolation

 k x x xn c gr1 0 5= −( ). Δ  (4)

or by minimizing misfit between computed and 
measured temperatures at the depth xn. The variables 
in (4) are: Δxn is the thickness of the lower soil layer, m; 
xc is the depth of soil temperature variations assumed 
to be the climate norm, m; xgr is the depth of the soil 
profile base, m.

The soil (snow) – air heat transfer accounts for 
convection at the solid-air interface, as well as for 
some other effects.

Solving the system of differential equations for 
few layers (e.g., n = 10) is easy. Integration of (2) be-
ing possible only numerically, we suggest several 
techniques of reducing the differential equation sys-
tem to the linear algebraic one. 

In almost all hydrological models, the air tem-
perature η is used as an input value and is assumed 
constant within a time step. Let this be valid for both 
air and soil. Assume that that the top and bottom of 
each soil layer contact a medium having convention-
ally constant temperature during the time step Δt.

This leads to the system of differential equa-
tions

 dU dt1 1 12 1 2= −( )− −( )ψ η θ ξ θ θ ,

 dU dti i i i i i i i i= −( )− −( )− − + +ξ θ θ ξ θ θ1 1 1 1, , ,

 dU dt kn n n n n gr n gr= −( )− −( )− −ξ θ θ ξ θ θ1 1 1, ,

which can be written as 

 dU dt1 12 1 12 2= − +( ) +ψη ψ ξ θ ξ θ ,

 dU dti i i i i i i i i i i i= − +( ) +− − − + + +ξ θ ξ ξ θ ξ θ1 1 1 1 1 1, , , , ,  (5)

 dU dt k kn n n n n n gr n gr gr= − +( ) +− − −ξ θ ξ ξ θ ξ θ1 1 1 1 1, , .

The heat (Ui, J) stored in the i-th layer is

 Ui = cρΔxθ,  (6)

where x is the vertical coordinate, m; ρ is the density, 
kg/m3; c is the specific heat, J/(kg⋅°C) of the given 
layer. According to (6), the heat Ui, can be used instead 
of the soil layer temperature in (5):
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system (7) for any soil layer can become

 dU A BU D dt( )− + = ,
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 U B t
A D

B
U B t∗ = − −( )⎡⎣ ⎤⎦

+ + −( )1 0exp exp ,Δ Δ

where U0 and U* refer to the heat (J) stored in the 
soil layer at the times t0 and t, respectively; Δt is the 
time step, s.

System (9) appears to be workable only in the 
absence of phase change, but individual soil layers 
subject to freezing and thawing consume or release 
heat and thus maintain constant U* = 0, while the 
number of such layers may vary. 

Equations (9) written in a more convenient form 
become 

 Δ ΔU B t A D B U= − −( )⎡⎣ ⎤⎦ + −[ ]1 0exp ( ) ,  (10)

where Δt = U* – U0 defines the heat loss for temperature 
or phase changes or sums up the two processes. This 
approach provides an invariable number of equations 
in the system where only coefficients change in the 
case of phase changes. Let U  in systems (7) and (8) 
be an effective average value intermediate between 
U* and U0, given by

 U U k U= +0 2Δ ,

where 0 < k2 < 1. The weight coefficient k2 is estimated 
as a function of the time step Δt using the relationship 
obtained by Litvin [1991] from numerical results for 
different time steps in simple test solutions: 

 k2 = 1 – 0.5 exp (–10–5Δt).

 For Δt = 1 day, k2 = 0.79.

The coefficients in (8), according to (10), are 
brought together into a system of parametric groups 

 R t c x1 12 1 1 11= − − +( ) ( )⎡⎣ ⎤⎦exp ,ψ ξ ρΔ Δ

 N R c x1 1 1 1 1 12= +( )ηψ ρ ψ ξΔ ,

 M k R c x c x1 2 1 12 1 1 1 12 2 2 2= +( )⎡⎣ ⎤⎦ξ ρ ψ ξ ρΔ Δ ,

 L M U k R U1 1 2 0 2 1 1 0
= ( ) − ( ) ,

 R t c xi i i i i i i i= − − +( ) ( )⎡⎣ ⎤⎦− +1 1 1exp ,, ,ξ ξ ρΔ Δ

 N k R c x c xi i i i i i i i i i i i i i= +( )⎡⎣ ⎤⎦− − + − − −2 1 1 1 1 1 1ξ ρ ξ ξ ρ, , , ,Δ Δ

  M k R c x c xi i i i i i i i i i i i i i= +( )⎡⎣ ⎤⎦+ − + + + +2 1 1 1 1 1 1ξ ρ ξ ξ ρ, , , ,Δ Δ  (11)

 L N U M U k R Ui i i i i i i= ( ) + ( )⎡⎣ ⎤⎦ − ( )− +1 0 1 0 2 0
,

 R k t c xn n n gr n n n= − − +( ) ( )⎡
⎣

⎤
⎦−1 1 1exp ,,ξ ξ ρΔ Δ

 N k R c x k c xn n n n n n n n n gr n n n= +( )⎡
⎣

⎤
⎦− − − − −2 1 1 1 1 1 1ξ ρ ξ ξ ρ, , ,Δ Δ

 M R k c x kn n c gr n n n n n gr= +( )−θ ξ ρ ξ ξ1 1 1Δ , ,

 L N U k R Un n n n n= ( ) − ( )−1 0 2 0
,

which are coefficients of the system of linear algebraic 
equations

 ΔU1 = N1 + M1ΔU1 + L1,

 ΔUi = Ni + MiΔUi – 1 + MiΔUi + 1 + Li, (12)

 ΔUn = NnΔUn – 1 + Mn + Ln.

The tridiagonal band matrix of the system makes 
the calculations easier.

If phase change occurs in the given or neighbor 
soil layers, the heat they store is zero, this leading to 
some simplification. At phase change in the upper 
(i – 1)-th soil layer (for the uppermost layer it corre-
sponds to η=0 ), systems (11) and (12) reduce to

 
Δ ΔU M U L

L M U k R U
i i i i

i i i i i

= +

= ( ) − ( )
+

+

1

1 0 2 0

,

;
 (13)

if phase change occurs in the lower (i + 1)-th layer, 
they become
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or, at phase changes taking place simultaneously in 
both layers, 

 
ΔU L

L R U
i i

i i i

=

=− ( )
,

.
0

 (15)

The phase change restricted to the i-th layer is 
described by the coefficients

 N t M k t c x L M U k1 1 2 12 2 2 2 1 1 2 0 2= = ( ) = ( )ηψ ξ ρΔ Δ Δ, , ,

 N k t c xi i i i i i= ( )− − − −2 1 1 1 1ξ ρ, ,Δ Δ

 M k t c xi i i i i i= ( )+ + + +2 1 1 1 1ξ ρ, ,Δ Δ  (16)

 L N U M U ki i i i i= ( ) + ( )⎡⎣ ⎤⎦− +1 0 1 0 2,

 N k t c xn n n n n n= ( )− − − −2 1 1 1 1ξ ρ, ,Δ Δ  M k tn gr c= 1ξ θ Δ ,

 L N U kn n n= ( )−1 0 2.

If both the given and neighbor soil layers under-
go phase changes simultaneously, heat transfer be-
tween them is zero:

 Ni = Mi = Li = 0. (17)

The time step Δt can be split when both tempera-
ture and phase changes occur within it in a single soil 
layer. In this case, the dominant process is chosen for 
a small part of Δt while the inferior process is neglect-
ed. In profiles with a snow layer, the latter substitutes 
for the upper soil layer and is assumed to have a vari-
able thickness (Δxc, m) and the respective thermal 
properties and water content.

THERMAL CONDUCTIVITY AND HEAT
TRANSFER IN SOIL AND SNOW LAYERS

In thermal conductivity simulations, a multi-
phase dispersive soil is assumed to consist of a solid 
and a gas (air) phases. Air is an absolute thermal insu-
lator, which reduces the cross section of a conven-
tional unit soil column; furthermore, it deforms or 
breaks down the heat conducting paths in the system, 
which additionally decreases the thermal conductiv-
ity of the whole column. Let the effective thermal 
conductivity of such a system (dry soil) be propor-
tional to the power function of the solid fraction:

 λ λ εm
m m= − >0 1 1( ) , ,  (18)

where λ0 is the thermal conductivity, W/(m⋅°C); ε is 
the soil porosity, m3/m3; m is the constant.

If water substitutes for all air in soil, heat trans-
fer will involve many heat conducting elements of 
two types connected in series, in parallel, or in differ-
ent combinations of the two. In the case of serially 
connected elements (the left superscript is –1), layer 
heat flows equalize, and the equation for the total 
thermal conductivity λM of soil with water-filled po-
rosity is

 

− • •

• −

( ) = + −⎡⎣ ⎤⎦ =

= − +⎡⎣ ⎤⎦

1
0 0

0

1

1

1

λ λ λ λ ε λ ε

ε λ ε λ

M ( )

( ) ,

 (19)

where λ•  is the thermal conductivity of water, 
W/(m⋅°C). In the case of parallel element connection 
(the left superscript is 1),

 1
0 1λ λ ε λ εM( )= − + •( ) .  (20)

In fact, various connections make up an interme-
diate complex combination. Equations (19) and (20) 
are for calculating harmonic and arithmetic weighted 
means at − ( )≤ ( )1 1λ λM M , but there is the geometric 
mean − ( )≤ ≤ ( )1 1λ λ λM M M ,  between the harmonic and 
arithmetic means, and the equation for λM becomes 

 λ λ λε ε
M( )= +( )− •

0
1 .  (21)

Equations (18) and (21) give simple interpola-
tion estimates of thermal conductivity for a multi-
phase medium:

 λ λ λ ω λ= −( ) + <M m
n

m n( ) , ,1  (22)

where ω = u/ε is the relative water (ice) content, 
m3/m3; u is the bulk water (ice) content of the soil 
layer, m3/m3. 

The soil layer subject to phase change consists of 
at least two sublayers, each with its thermal conduc-
tivity, though effective properties were assigned to it 
over the whole Δx. Therefore, the thermal conductiv-
ity of this layer λi is found as a harmonic mean, with 
the relative weight coefficients of water and ice frac-
tions:
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 (23)

where ui
• ,  ui

∗  are the bulk water and ice contents of the 
soil layer, respectively, m3/m3; λi

• ,  λi
∗  are the thermal 

conductivities of the wet ice-rich soil layer, W/(m⋅°C); 
λM

• ,  λM
∗  are the thermal conductivities of the soil layer 

with 100 % water- or ice-filled porosity, W/(m⋅°C); n 
is the constant. 

We recommend the constants m = 2.5 in (18) and 
n = 0.75 in (23). The standard values λ0 used in (18) 
are listed in Table 1.

Ta b l e  1. Specific heat c and thermal
 conductivity λ0 of different soil types

Soil c, J/(kg⋅°C) λ0, W/(m⋅°C)

Sand 780 2.5
Silt 830 1.7

Clay silt 840 1.3
Clay 880 1.0
Peat 1930 0.8
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Heat transfer coefficients vary in time and space 
as a function of several factors, but are assumed to be 
invariable within Δt and are calculated according to 
the initial soil state. Heat transfer and thermal con-
ductivity are calculated using successively written 
equations for steady-state heat flow (q, W/m2) be-
tween air and ground surface, between ground surface 
and a point at the depth (Δx1/2, m) below this sur-
face, and between air and this point: 

 q q x q= −( ) = −( ) = −α θ η λ θ θ ψ θ η0 02, , ( ),Δ  (24)

where θ0 is the surface temperature, °C. Then,

 ψ λ α= +[ ]1 2 1Δx .  (25)

The parameter α, W/(m2⋅°C), refers to heat in-
put to the surface and can be interpreted as heat 
transfer between air and upper soil layer at λ→∞ , 
i.e., provided that heat flows are away from the inter-
face immediately. The value ψ never exceeds 2λ/Δx at 
any α, i.e., the heat transfer ψ is limited from above 
only by the possibility of depthward heat flow into 
the soil. The α values range from 1.0 to 5.0 W/(m2⋅°C) 
depending on climate and vegetation type: 1–2 for 
severe cold climate; 1 → 1.5 → 2 for forest–tundra–
vegetation-free surface; 3–4 for moderate climate; 
3 → 4 for forest and open landscapes; 5 for warm cli-
mate. The parameter α requires calibration by fitting 
the predicted temperatures to the observed values, 
but it is stable across landscapes. For northeastern 
Russia, its recommended values are 1 or 2 depending 
on landscape. 

In the same way as in (25), heat transfer between 
two soil layers is

 ξ λ λi i i i i ix x, ,+ + += +( )1 1 12 Δ Δ

and that between air and snow is

 ψ λ αc c c cx= +[ ]1 2 1Δ ,  (26)

where Δxi, Δxc are the thicknesses of soil and snow layers, 
respectively, m; λi, λc are the thermal conductivities of 
soil and snow layers, respectively, W/(m2⋅°C). The heat 
flow to the snow surface at negative air temperatures 
(αc) is assumed to be 5.0 W/(m2⋅°C).

The thermal conductivity of dry snow can be 
found using (18), with ice as the solid:

 λ λ ε λ γ ρc c
m

c

m∗ ∗ ∗ ∗ ∗= −( ) = ( )1 ,  (27)

where λ∗ , λc
∗  are the thermal conductivities of ice and 

dry snow, respectively, W/(m⋅°C); εc is the porosity 
of snow, m3/m3; ρ∗ and γc

∗  are the densities of ice and 
snow, kg/m3; m is the constant. 

The effective thermal conductivity depends on 
snow temperature. Given that the effect of convec-
tion is inversely proportional to snow density, the cal-
culation is done using the equation [Vinogradov, 
1988] 

 λ θ γ λ θ γ ρc c c c c ck∗ ∗ ∗ ∗ ∗( ) = + ( ) −( ), exp ,1 13  (28)

where θc < 0 °C is the snow temperature, °C; k3 = 0.1 
is the constant. Thus, at negative snow temperatures, 
the thermal conductivity of dry snow ( λc

∗ ) is found 
using (27) with the factor (28) and the small additional 
term 

 λ θ γ ρ λ γ ρc c c c

m
k∗ ∗ ∗ ∗ ∗ ∗= + ( ) −( )⎡

⎣
⎤
⎦ ( ) +⎡
⎣⎢

⎤
⎦⎥

1 1 0 023exp . .

The thermal conductivity of wet snow is found 
using an equation similar to (22):

 λ λ λ ω λc c M c c
n

c= ( ) −⎡⎣ ⎤⎦ +∗ ∗ ,

 λ λ ε λ ε λ λ γ ρ λc M c c c c( ) = −( )+ = −( ) +∗ ∗ ∗1 i i i ,

where λc M( )  is the thermal conductivity of snow 
with 100 % water-filled porosity (a fictitious value), 
W/(m⋅°C); ωc = uc/εc is the water-filled porosity of 
snow, m3/m3; uc is the bulk water content of snow, 
m3/m3; n is the constant. The fictitious thermal 
conductivity of wet snow λc M( ) is used only to calculate 
heat transfer between snow und the uppermost soil 
layer with (24) and between air and freezing snow 
according to (26). The snow water content is assumed 
to be homogeneous and isotropic.

In the case of positive air temperatures and snow 
melting (when all heat received by snow is spent on 
phase change), the heat transfer is assumed to be 
equal to heat input ( αc

+ ), and is related to snow melt-
ing as
 ψ α ρ ζc c l+ + ∗ •= = ,

where l* is the specific heat of ice melting, J/kg, and ζ 
is the snow melting coefficient, m/(°C⋅s).

SIMULATION WORKFLOW

In the presence of snow, the model specifies ini-
tial conditions, namely, the initial total moisture it 
stores, density, temperature, and water content in 
snow exposed to melting (0 °C); initial mean temper-
ature and water (ice) content are required for each 
soil layer. If no exact constraints on the temperature-
depth profile are available, uniform temperature is as-
sumed with regard to freezing or thawing of the ac-
tive layer by the starting date. The soil temperature 
equilibrates with the true value soon (within one year 
of simulation) and then causes no effect on modeling 
results. The values of mean temperature of air (η) and 
ground at a certain depth (θgr) that control heat 
transfer with the atmosphere and with deeper soil 
layers are specified for each successive time step, and 
the respective temperature profiles (θi) are calculated 
for the step end. The resulting values are used for ref-
erence as initial conditions for the following time 
step. 

The workflow comprises several units (Fig. 1). 
Three units calculate the amount of heat (i) stored in 
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snow (its presence or absence is detected in the very 
beginning) after evaporation (Diagnosis); (ii) spent 
for evaporation in each soil layer (Evaporation from 
soil); (iii) required for ice melting or water freezing in 
each snow and soil layer (Energy-1). Six other units 
are, respectively, for (i) calculating the thermal prop-

erties (specific heat, thermal conductivity, and heat 
transfer) of snow and soil according to equations 
(18)–(23) with regard to variable water or ice con-
tents (Physical properties); (ii) estimating, with (11)–
(17), the coefficients R, N and L (Coefficients); (iii) 
calculating heat input to the soil (snow) layer for a 
time step or its part (Solution); (iv) predicting wheth-
er the input heat is spent on freezing or thawing in 
the case of phase change (Energy-2); (v) predicting 
whether the soil (snow) layers undergo one or two 
(dual) processes (temperature and phase changes) 
and whether division of the time step is required 
 (Dualism); (vi) dividing the time step into the speci-
fied number of sub-steps MP (Sub-steps). As for the 
latter, the modeling experience shows that MP = 10 is 
enough for most of cases but can be greater if neces-
sary. After dividing the time step, the whole workflow 
since Diagnosis repeats for all sub-steps. If both phase 
and temperature changes occur within some sub-step, 
the dominant process is chosen (Energy-4), and the 
inferior process is neglected. Energy-3 is for estimat-
ing the final amount of heat received by a soil (snow) 
layer without dualism.

RESULTS 

The method was verified against a time series of 
soil temperatures measured at different depths at the 
meteorologial site Nizhnyaya (Russian for Lower) 
within the Kolyma Water Balance Station in the 
headwaters of the Kolyma River (Magadan region). 
The area is located in the zone of continuous perma-
frost, in severe climate. Ground temperatures at dif-
ferent depths, to 320 cm, were measured at the site 
for seven years (1974–1980). The site Nizhnyaya lies 
in a hillocky wetland covered with moss, grass, and 
shrubs (cowberry and blueberry) [Observation Re-
ports, 1959–1991]. The moss-lichen layer, 40–45 cm 
thick, lies over 15–20 cm of well-drained talus which 
freezes up at negative temperatures (with low ice 
contents); the ice-poor talus layer, in turn, overlies an 
ice-rich one. The top layer accumulates a part of melt-
water in spring, which then freezes back repeatedly. 
The temperature obviously varies with water and ice 
content throughout the profile. The temperature pat-
terns observed at the site are typical of well-drained 
soil on southern slopes [Glotov and Glotova, 2002].

Fig. 1. Simulation workflow.

Ta b l e  2. Properties of different layers in soil profile, Nizhnyaya site, Kolyma Water Balance Station

Soil type h, cm ρ, kg/m3 ε ω c, J/(kg⋅°C) λ, W/(m⋅°C)

Moss and lichen 0–10 500 0.95 0.35 1700 1.0
Peat 10–20 1950 0.60 0.15 1700 1.0
Transition layer 20–30 2100 0.50 0.11 1200 1.3
Gray clay with shale debris 30–40 2700 0.40 0.10 750 1.7
Shale debris with fine-grained filling 40–200 2700 0.35 0.10 750 1.7

N o t e. h is depth; ρ is density; ε is porosity; ω is maximum moisture storage capacity; c is specific heat; λ is thermal 
conductivity.
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Fig. 2. Simulated (1) and observed (2) soil temperatures at the depths 20 cm (a), 80 cm (b), 160 cm (c), 
Kolyma Water Balance Station (1974–1975).

The 2 m thick soil profile (at the maximum thaw 
depth 1.7 m) was simulated as a sequence of 20 layers, 
10 cm each. The properties of different layers (Ta-
ble 2) according to Observation Reports [1959–1991] 
and [Glotov, 2002; Bantsekina, 2003] were used as pa-
rameters in the Hydrograph model [Vinogradov, 1988; 

Vinogradov and Vinogradova, 2010; Vinogradov et al., 
2011]. For the sake of simplicity, the initial tempera-
ture distribution was assumed to be uniform, with a 
mean of –1 °C for each simulation layer on the start-
ing date of January 1, 1973. Data from the starting 
year 1973 was not included into analysis. The initial 



18

Yu.B. VINOGRADOV ET AL.

ice contents of soil layers were specified assuming the 
ice content equal to the maximum water holding ca-
pacity till the summer thaw depth (1.7 m) and to po-
rosity below this depth. Values of model parameters 
(mean temperature, relative air humidity, and pre-
cipitation) measured at the Nizhnyaya site were spec-
ified for each time step (24 hr). Annual variations of 
soil temperature at the depth 3.2 m approximated by 
equation (3), with θc =−4 0. ,  M = 2.8, Am = 197, 
were used as the lower boundary condition; k1 = 0.05. 
Snow was considered as a separate layer, and its ac-
cumulation and melting was modeled by a special 
unit in the Hydrograph model. Thermal conductivity 
and specific heat in all soil layers were estimated at 
each time step, with regard to their water and ice con-
tent variations and freezing-thawing cycles.

The simulated and observed mean daily ground 
temperatures at the depths 20, 80 and 160 cm for 
1974–1975 are compared in Fig. 2, a–c. The predict-
ed values turn out to exceed the measured tempera-
tures, especially in the summer season. The compari-
son for the period 1974–1981 (Table 3) shows that 
the Hydrograph model successfully resolves even brief 
episodes of soil warming as a result of meltwater infil-
tration into frozen soil in spring.

The reported results demonstrate that the new 
method is applicable to simulations of heat dynamics 
in permafrost. Note that the results were obtained 
with pre-specified parameters, without calibration. 

CONCLUSIONS

A new method is suggested to simulate heat dy-
namics in a soil profile based on simplification to the 
differential equation of soil thermal conductivity 
which allows an algebraic solution. The techniques 
use: (i) constant temperatures averaged over the si-
mulation time step Δt instead of continuous values in 
neighbor soil layers; (ii) heat excess relative to the 
beginning of the time step (ΔU = U* – U0) as a solu-
tion to the system of equations instead of heat in the 
end of the time step, which allows applying the al-
gorithm to both temperature and phase changes; 

(iii) effective mean heat intermediate between the 
initial and final values; (iv) the time step divided into 
sub-steps in the case of both temperature and phase 
changes in a layer. The algorithm can estimate ther-
mal conductivity and heat transfer in soil and snow 
layers subject to freezing and thawing. 

The reported algorithm implements the approach 
first suggested in the 1980–1990s and published ear-
lier [Vinogradov, 1988; Vinogradov and Vinogradova, 
2010] in terms of the hydrological model Hydrograph 
[Vinogradov et al., 2011]. The method was tested and 
successfully applied to runoff simulations for perma-
frost landscapes [Semenova et al., 2013]. 

The measured physical properties of soils in the 
profile are employed as the model parameters in simu-
lations and can be systematized according to land-
scapes to be further used for reference in hydrological 
modeling of similar poorly gauged watersheds.

The application of the method to simulation of 
active layer dynamics will be discussed in more detail 
in the following publication (Part 2). 

The study was supported by grant 12-05-31035_ 
mol_a from the Russian Foundation for Basic Re-
search. 
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